In this study, the Navier-Stokes equations that embrace conservation equations of momentum, volume, heat and salt are solved by using a 3-D numerical model. Then, based on the values obtained, the structure and variability of the outflow/inflow between the Persian Gulf and the Gulf of Oman is investigated. The basic equations are cast in a bottomfollowing, sigma coordinate system which greatly simplifies the numerical solution. Conservative finite difference methods are used to discretise the mathematical model in space. The model results, which are in agreement with limited direct measurements in the Strait, show a volume transport of deep outflow and a near-surface outflow from the Persian Gulf to the Gulf of Oman through the southern part of the Strait. About 65% of total outflow occurs in the bottom layer (40 m to the bottom) and 35% in the upper layer (from the surface to 40 m deep) during the year. The annual mean of surface inflow from the Gulf of Oman to the Persian Gulf, which occurs within the northern part 1 Corresponding author: shz@phys.ui.ac.ir of the Strait is about 0.2 Sv. The net volume transport annual mean through the Strait into the Persian Gulf is about 0.03 Sv. Strong temperature and density contrasts between bottom and surface layer waters are established in spring and summer. These are more pronounced in the southern part of the Strait. In the northern part of the Strait, the salinity contrast is nearly constant, but in the southern half it varies significantly during the year.
INTRODUCTION
It is very difficult to describe oceanic processes from direct measurements. Satellites can observe some processes almost everywhere every few days. Unfortunately, they observe only some processes, and only those near or at the surface (Stewart 2008 ). In addition, it is not possible to obtain typical oceanic flows using the analytic solutions of the equations of motion. Hence, numerical models and methods provide the only useful, global view of currents and water masses in oceans (Zhang et al. 2011 , Hassanzadeh et al. 2010 , Rennie et al. 2009 , Ohashi et al. 2009 ).
The main body of the Persian Gulf is separated from the Gulf of Oman by the Hormuz Strait, which has a maximum depth of about 100 m and a width of about 56 km at its narrowest point (Kamp and Sadrinasab 2006, Ahmad and Sultan 1991) . Persian Gulf waters have a higher salinity than the open ocean because of the dominance of evaporation over precipitation plus river run-off. The relatively high rate of evaporation combined with restricted exchange with the open ocean leads to an inverse estuarine circulation with a shallow inflow from the Gulf of Oman and a deep outflow of dense, hypersaline water through the Hormuz Strait.
The Strait of Hormuz is one of the world's most important waterways, and it is crowded with ship traffic. It is the access point to the heart of the world's largest producers of oil, such as Saudi Arabia, Iran, the United Arab Emirates (UAE), and Iraq. Some 40% of all seaborne oil, about 20% of the total oil traded worldwide, passes through this narrow passageway. The high volume of ship traffic combined with extensive bottom trawl fishing make this region very risky for moored instrumentation and any current measurements from a ship would be extremely difficult to interpret. As a result, the number of direct oceanographic observations are rare and numerical modeling is an essential tool for the study of the physical oceanography of this region (Reynolds 1993, Swift and Bower 2003) .
The limited data available, including those of Emery (1956) , Brewer et al. (1978) , Brewer and Dyrssen (1985) , and Reynolds (1993) , show that inflow of the Indian Ocean Surface Water (IOSW) takes place mainly in the northern part of the Hormuz Strait, and continues northward along the Iranian coasts (Swift and Bower 2003, Johns et al. 2003) . Swift and Bower (2003) , through the examination of temperature and salinity profiles from the Master Oceanographic Observations Data Set at the US Naval Oceanographic Office, showed that seasonally-variable incursion of IOSW into the Gulf peaks in late spring. They claimed that seasonal changes in flux of IOSW might be driven by evaporative lowering of sea surface height in the Persian Gulf. Johns et al. (2003) investigated the exchange between the Persian Gulf and the Indian Ocean using hydrographic and moored acoustic Doppler current profiler data from the Strait of Hormuz from December 1996 to March 1998. They reported that the deep outflow from 40 m deep to the bottom appears to be relatively steady throughout the year. Since they did not have velocity data for June and July, due to problems with the instrumentation, they estimated the monthly mean transports for these months by linear interpolation from the values observed in May and August. This may have caused error and deviation from the real values in June and July. Furthermore, they found that currents in the near-surface layer are highly variable and exhibit short-term variations of large amplitude, especially during winter.
Although the computational domain consists of the Persian Gulf, Hormuz Strait, and the western end of the Gulf of Oman, this study focuses on the characteristics and variability of flow in the Hormuz Strait.
The outline of this paper is as follows. Section 2 presents details of the model and its configuration. Simulated results of inflow/outflow variability and a comparison of computations with limited observations are presented in section 3. The last section provides the conclusion.
NUMERICAL MODEL AND CONFIGURATION

Governing equations
We have employed the hydrodynamic part of the Coupled Hydrodynamical-Ecological Model for Regional and Shelf Seas (COHERENS) with realistic bottom topography and coastal geometry (Luyten et al. 1999) . The relative simplicity of the model structure and its flexibility due to the capability of selecting different processes, specific schemes and parameterizations, and numerous types of forcing are advantages of the model. The hydrodynamic part of the model, in Cartesian coordinates, uses the following basic equations:
The momentum equations using the Boussinesq approximation and the assumption of vertical hydrostatic equilibrium:
The continuity equation:
The equations of temperature and salinity:
where (u, v, w) are the components of the current, t is time, T denotes the temperature, S the salinity, f the Coriolis parameter, p the pressure, vT, λT the vertical eddy viscosity and diffusion coefficients, λH the horizontal diffusion coefficient for salinity and temperature, the density, 0 a reference density, cp the specific heat of sea water at constant pressure and I is solar irradiance.
The horizontal components of the stress tensor are expressed as follows:
where VH is the horizontal diffusion coefficient.
The pressure can be eliminated from (2.1)-(2.3) in the usual way by writing p as the sum of an equilibrium and a perturbed part, i.e. with the boundary condition that p0 equals the atmospheric pressure pa at the surface and qd is given in the following (eq. 2.15). This gives:
For i=1,2. In (2.12) and (2.13) is sea surface elevation. The first two terms on the right hand side of (2.13) represent the barotropic, the third term the baroclinic part of the horizontal pressure gradient. The latter is obtained after substituting (2.10)-(2.12) into the condition for vertical hydrostatic equilibrium (2.3):
where b denotes the buoyancy. Integrating (2.14) using qd = 0 at the surface, one has:
The numerical solutions of the model equations are greatly simplified by introducing a new vertical coordinate which transforms both the surface and the bottom into coordinate surface ( Fig. 1) (Philips 1957) . The following coordinate is applied
is the commonly used σ-coordinate varying between 0 at the bottom and 1 at the surface. In this relation H is the total water depth, h is the mean water depth, and is the sea surface elevation. The new vertical coordinate is a function of sigma f(σ) and taking f(0)=0 and f(1)=1 the equation of the bottom takes the simple form � 3 = 0 while the moving surface transforms into � 3 = L. The length scale L is determined as part of the numerical discretisation. In this study, the length scale L is chosen such that ∆ � 3 = 1 so that L=NZ, where NZ is the number of grid cells in the σ direction. The Jacobian of the transformation
represents the ratio of unit length in the physical to a unit length in the transformed space. A more detailed discussion can be found in Deleersnijder and Ruddick (1992) .
Integrating the equation of continuity and horizontal momentum over the vertical coordinate, the 2-D continuity equation for the surface elevation and the depth-integrated momentum equations for � , � are obtained.
The equation of state of sea water as defined by the Joint Panel on Oceanographic Tables and  Standards (UNESCO 1981) has been used, wherein pressure effects on density are ignored. This approximation is at least valid for depths less than ~1 km where the turbulence processes occur (Gill 1982) .
Numerical resolution
Conservative finite differences are used to discretise the mathematical model in space. The grid chosen for horizontal discretisation is the well known Arakawa "C" grid (Mesinger and Arakawa 1976) which staggers the currents and pressure∕elevation nodes to give a good representation of the crucial gravity waves and provides simple representation of open and coastal boundaries. In the vertical, the equations are discretized over the bottom topography using sigma coordinates. This coordinate system tries to solve the problems from the combined influences of steep topography and string stratification. In keeping with the well-known POM model the equations are integrated in time using the mode-splitting technique (Blumberg and Mellor 1987) with separate time steps for the 2-D external barotropic equations and the 3-D internal baroclinic equations. The 2-D time step has to be small enough to satisfy the Courant-Friedrichs-Lewy (CFL) criterion. Time step for the 3-D baroclinic mode is larger compared to the barotropic mode. The model was run with an external mode time step of 20 s and an internal mode time step of 5 min, which satisfies the CFL condition. The sea surface elevation and the depth-integrated velocities are calculated by the external mode, while the three-dimensional currents, temperature, and salinity are determined by the internal mode. All horizontal derivatives are evaluated explicitly while vertical diffusion is computed fully implicitly and vertical advection quasi-implicitly. In order to solve the horizontal momentum equations, the predictor-corrector method is used. This satisfies the requirement that, when using a mode-splitting technique of solution, the currents in the 3-D equations should have the same depth integral as the ones obtained from the 2-D depth-integrated equations. For the advection of momentum and scalars, the total variation diminishing (TVD) scheme is applied, whereby the advective flux is evaluated as a weighted average between the upwind flux and either the LaxWendroff in the horizontal or the central flux in the vertical.
In this simulation, the horizontal (Δx and Δy) grid sizes, respectively, are 6600 m and 7400 m and vertical coordinates were divided into 10 sigma levels.
Turbulence formulation
One of the most intricate problems in oceanographic modeling is an adequate parameterization of vertical exchange processes. In the present model they are represented through the eddy coefficients vT and λT. Here, these coefficients are determined with the "K-ε" turbulence closure scheme, developed by Luyten et al. (1996) . This scheme defines the vertical eddy coefficients vT for momentum and λT for temperature and salinity in terms of the turbulence energy K and its dissipation rate ε using
where Su and Sb are usually referred as the stability functions and vb and λb are prescribed background coefficients. Su and Sb are functions of the stability parameter αN = k2 N2/ε2, where N2 is squared buoyancy frequency. Their explicit forms, derived from an algebraic stress model, are given by where ε0 is a constant coefficient and the mixing length, l is obtained algebraically using "quasiparabolic" law.
Horizontal subgrid-scale processes not resolved by the model are parameterised by the horizontal diffusion coefficients vH and λH. In our simulations, they are taken proportional to the horizontal grid spacings and the magnitude of the velocity deformation tensor in analogy with Smagorinsky's parameterization (Smagorinsky 1963) :
and Δx1, Δx2 are the horizontal grid spacings. In view of the uncertainty concerning the values of the numerical coefficients cm and cs, they are assumed to be equal and are chosen at cm=cs=0.2, mainly to damp numerical oscillations (Oey and Chen 1992) .
Initial and boundary conditions
Seawater is well mixed in winter, and therefore the model is initialized in December using uniform temperature and salinity fields with values of 19°C and 38 PSU. Three components of velocity and the sea surface elevation were initially set equal to zero. The model is forced by the climatologic monthly mean wind stress and heat/salt fluxes.
The surface boundary condition for the horizontal current is obtained by specifying the surface as a function of the wind components 
where (U10,V10) are the components of the wind vector at a reference height of 10 m, τs1 and τs2 are the wind stress components, = 1.2 kg m -3 is the air density, is the sea density, ̃ the transformed vertical coordinate, J the Jacobian of the transformation, and the surface drag coefficient. A quadratic function law is applied for the horizontal current at the bottom using a roughness length of 3.2 mm.
The surface flux of the temperature is calculated by
where S Q is the downwards-directed heat flux at the surface, cp the specific heat of seawater at constant pressure, and λTthe vertical eddy. 
is the long-wave radiation flux at the sea surface.
Where Ts and Ta are the sea surface and air temperature at the reference height, cpa the specific heat of air at constant pressure, Lv the latent heat of vaporization, qs and qa the sea surface and air humidity, = 1.2 kg m -3 the air density, εs = 0.985 the emissivity at the sea surface, σrad = 5.67 × 10 -8 W m -2 k4 Stefan's constant, fc the frictional cloud cover between 0 and 1, ea the vapour pressure and two dimensionless parameters CE, CH the Dalton and Stanton numbers. The last two parameters, which are a function of wind speed and stratification, are determined based on the Monin-Obukhov similarity theory as described in Geernaert (1990) and Layten and De Mulder(1992) .
This formula given by Steinhorn (1991) gives the surface salinity flux: and Rpr are the evaporation and precipitation rates in kg m -2 s -1 and Ss the surface salinity in PSU.
The bottom boundary conditions for temperature and salinity are obtained by considering a zero flux normal to seabed:
Open sea boundary conditions to be supplied for vertically integrated current
The + , − are Riemann variables as incoming and outgoing, respectively. The characteristic equation gives the outgoing Riemann variable − but + is obtained by an harmonic expansion of the input of residual and tidal forcing data. + is determined by applying the sea surface elevation ζin in harmonic form,
where c is the wave speed of the barotropic mode and:
where ζ0 represents the residual input in meters, An are the tidal amplitudes in meters, ωn the tidal frequencies in rads, 0 the initial value of the phase + 0 in radians, the tidal phases in radians at open boundary, t the time in seconds elapsed since the start of the program and NT the number of tidal constituents. The Persian Gulf has major semidiurnal and diurnal tidal constituents, M2, S2, K1 and O1. Along the eastern open-ocean boundary, amplitudes and phases of the major tidal constituents are prescribed as constant values. The tidal influences on river discharge are ignored.
In order to prevent spurious vertical velocities at open sea boundaries, the 3D horizontal current is computed assuming a zero normal gradient for the velocity deviation. Monthly mean vertical profiles of temperature and salinity, provided from hydrographic observations (Alessi et al. 1999) , are imposed at the eastern open boundary. At the river mouth, the boundary conditions are determined by specifying a two-layer stratification, whereby a fresh water value is prescribed within the surface layer with a zero gradient condition in the bottom layer.
Input data
In order to calculate the fluxes of momentums, heat, and salinity, meteorological parameters, as well as SST simulated by the model, are required. The meteorological parameters needed are wind components at 10 m above ground, air temperature, relative humidity, cloud cover, and precipitation. All these data were derived from the National Oceanic and Atmospheric Administration (NOAA).
At the eastern boundary the temperature and salinity values within the upper layer were employed from hydrographic observations on a monthly basis (Alessi et al. 1999) , while the water column underneath is kept at a temperature of 22°C and a salinity of 36.5 PSU.
The Persian Gulf coastline and bottom depth are determined based on the ETOPO-2 dataset, which was generated from a digital data base of seafloor and land elevation on a 4-minute latitude/longitude grid. The computational domain of the model is from 47.6° E to 58.2° E and from 23.1° N to 30.5° N (Fig.  2 ).
Amplitudes and phases of the four major tidal constituents M2, S2, O1, K1, prescribed at the open eastern boundary, were extracted from Elhakeem et. al. (2007) .
SIMULATION RESULTS
Model verification and validation
Field measurements within the Persian Gulf are scare. Swift and Bower (2003) studied the nature and circulation of water masses in the Persian Gulf using a data set maintained by U.S. Naval Oceanography. This data consists of a number of 1597 temperature- salinity profiles, including Mt. Mitchell data (Reynolds 1993) , and spans the years 1923 to 1996. No autumn field observations are available for the Persian Gulf. By using salinity data they showed that the influx of IOSW during some years may peak in late spring rather than summer, and argued that the transport is driven by an evaporative lowering of sea surface height in the Gulf. Here, we use their bimonthly salinity maps for model validation. Figure 3 shows comparison between the surface salinity distribution simulated by the model and the observed values published by Swift and Bower (2003) during January and February. The difference in surface salinity between the model simulation and observation is less than 0.5 PSU over most of the Gulf from January through June. However, in July and August over some shallow regions of the Gulf, simulated values are about 0.5 -1.5 higher than observed values. It should be noted that observational data cover in shallow regions during summer is weak (see Fig. 3 in Swift and Bower 2003) . Thus, this salinity difference could be partly due to bias introduced by the use of data from a single station to represent a large region of the Gulf. The model simulation suggests that the presence of lowsalinity water (<37.5 PSU) within the Iranian half of the Gulf increases from January to June and then decreases in July and August. Such a simulated pattern agrees well with field measurements.
The observed and simulated deep salinities in the Fig. 3 . Comparison between the observed salinity (PSU) from Swift and Bower (2003) and simulated salinity by the model in the surface layer during January through August.
Gulf are compared in Figure 4 . The simulated deep salinity values are close to observations reported by Swift and Bower (2003) . In addition, the temporal variability pattern of simulated deep salinity is similar to its observed counterpart and both show comparatively few changes during January through August. Note that bathymetry used in this study (ETOPO-2 data) is slightly different from that of Swift and Bower.
Volume transport
In order to estimate the volume transports � of the inflow and outflow through the strait, we first converted sigma vertical coordinates to a zcoordinate system. Then we took a cross section across the Strait and the volume transport was calculated according to the following formula:
in which ui denotes x (east-west) component of velocity at every cell and a and N are the area and number of grid mesh on the cross section, respectively.
The model results show that fresh surface inflow from the Gulf of Oman and saline flow out of the Persian Gulf takes place mainly in the northern and southern parts of Hormuz Strait, respectively. Figures 5a-c show time series of the mean outflow transports through the Strait. Figure 5a is from the surface to the bottom, figure 5b is from a depth of 40 m to the bottom and figure 5c is from the surface to a depth of 40 m. Deep outflow is relatively steady during the year, particularly in spring and summer (Fig. 5b) . In contrast, the outflow in the near-surface water is highly variable and exhibits large-amplitude, short-time variations, especially during the winter and autumn (Fig. 5c) . Maximum deep outflow occurs in March and April (0.17 Sv) and minimum in November (0.70 Sv) with an annual mean of 0.13 Sv. In the upper layer, the volume transport varies from a maximum outflow of about 0.13 in June to an inflow of 0.02 Sv in November, with an annual mean of 0.07 Sv. The annual mean transport of the outflow in the deep and surface layers calculated by the observational data are 0.15 Sv and 0.06 Sv, respectively (Johns et al. 2003) . Although the model predictions agree quite well with field data, there are some differences. Where Figure 13 of Johns et al. (2003) shows that the deep outflow in June is stronger than most months, peak outflow occurs in October. This discrepancy might be caused by a lack of velocity data and their use of linear interpolation. Furthermore, contrary to Johns et al., the model simulation shows an inflow at the upper layer in November (Fig. 5c ). This is in agreement with data collected by the French Navy's Hydrographic and Oceanographic Service near the Strait in October and November of 1999 (Pous et al. 2004) .
Temporal variation of the mean volume transport of the inflow into the Persian Gulf through Hormuz Strait is shown in Figures 5d-f . The annual mean inflow ( fig. 5d) and outflow (fig. 5a ) from surface to bottom are 0.24 Sv and 0.21 Sv respectively. Thus, the net volume transport through the Strait into the Persian Gulf is about 0.03 Sv.
The surface inflow (Fig. 5e ) reaches maximum and minimum values in May through June (about 0.24 Sv) and October (about 0.09 Sv). This timing of peak inflow is consistent with the analysis of historical data by Swift and Bower (2003) . The annual mean of the surface inflow is about 0.20 Sv.
In addition, figure 5f shows a weak bottom inflow with an annual mean of 0.04 Sv, which is relatively steady during the year. There are no field data addressing bottom inflow to compare against the model.
The results of the model indicate that both total inflow and outflow through the Strait peak in late spring and attain minimum values in late autumn (Figs. 5a and 5d) . Thus, there appears to be a correlation between the strength of the total seasonal outflow of the Persian Gulf saline water into the Gulf of Oman and that of the Indian Ocean surface water inflow into the Gulf. This correlation can be explained based on conservation of volume. The change in seasonal outflow, due to processes such as dense water formation, sea surface variation, and wind stress, causes the changes in surface inflow. This is contrary to Swift and Bower (2003) , who argued that seasonal variations in the flow of Indian Ocean surface water into the Gulf could be attributed to changes in sea surface slope caused by varying rates of evaporation. Figure 6 shows time series of the mean alongstrait current from 60 m depth to the bottom in the southern part of Hormuz Strait, which agrees again with the findings of Johns et al. (2003) . The speed of the current varies from about 15 cm s -1 to about 28 cm s -1 during the year with a mean value of approximately 21 cm s -1 . The model output shows that the bottom currents are driven from shallow regions near the coast of the United Arab Emirates (UAE) and around Bahrain (Fig. 7) . However, the upper layer outflow primarily comes from the northern part of the Gulf (Fig. 8) .
Salinity
The temporal variations of the simulated average salinity in the southern portion of the Strait for the upper layer, from the surface to 40 m depth, and the deep layer, from 40 m depth to the bottom, has been shown in figures 9a and 9b, respectively. In relatively good agreement with Johns et al. (2003) , the salinity of the deep outflow varies from 39.4 PSU to 40.8 PSU during the year, with highest outflow salinities occurring in the months of October through February. The salinity of the upper layer outflow had minimum values in February and March (about 37.3 PSU) and maximum values in September (about 39.4 PSU). Simulated annual mean salinity of the lower and upper layers are 39.7 and 38.0, respectively. The model simulations indicate that the high salinity of the deep outflow during October through February is associated with the formation of very saline waters (>43 PSU) within shallow regions along the UAE coast and the Bahrain-Qatar shelf in late spring and summer, which reach the strait in late autumn and winter. As shown in figures 9a-b, the salinity difference between the upper and lower layers is at its minimum in September and then gradually increases until December. This salinity contrast is at its greatest and remains nearly constant in the winter months and then decreases from March to August.
In the northern half of the strait, the average salinity varies from 37.8 PSU in March to 39.3 PSU in October and November for the lower layer ( fig.  9d ) and from 37.0 PSU in March to 38.2 PSU in August for the upper layer (Fig. 9c) . The annual mean salinity of deep and surface inflows are 38.5 PSU and 37.4 PSU, respectively. The salinity difference between the lower and upper layers is almost constant year round. A cross section of the temporal evolution of mean salinity in the southern and northern halves of the Strait is shown in figures 10 and 11, respectively. In both halves, the simulated salinity increases from top to bottom during the year. There exists a vertically uniform structure from 50 m depth to the bottom with about 39.5 PSU in March through August. In the upper layer, from the surface down to 40 m, the salinity is vertically uniform, especially during August through January and in the northern half of the Strait. Conversely, in the southern half of the Strait, the salinity is strongly stratified and there are multi-layer structures, especially in winter and autumn.
Temperature
The temporal variations of the simulated average temperature in the northern and southern portions of the strait for the upper layer (from the surface to a depth of 40 m) and for the deep layer (from a depth of 40 m to the bottom) is shown in figures 10a, 10b, and 10d. The temporal evolution of the simulated temperature for the southern half is very similar to the northern half (Figs. 12a-d) . The average temperature ranges from about 20-20.5°C January through March, to over 25°C in October and November for the deep layer and from about 20-20.5°C in December and January to 29.2°C in June through August for the upper layer, in both halves of the Hormuz Strait (Fig. 12) . The annual mean temperatures are about 25°C and 21°C for the upper and lower layers in the southern part and 24.5°C and 22.5°C for the upper and lower layers in the northern part. Figures 12a-d show that the pattern of warming at the surface outflow (in the southern half of the Strait) is almost identical to that of the surface inflow (in the northern half). Thus, since the warming appears so uniform in both halves of Strait throughout the spring and summer and corresponds with the development of a steep seasonal thermocline, the temperature increase is related to solar heating rather than an influx of warm surface water from the Gulf of Oman. This result concurs with Swift and Bower (2003) .
In conformance with field observations, the water temperature in the top layer reaches a maximum of over 31°C in June and July, then decreases to a minimum of 19°C in December and January. At the bottom, the maximum temperature is 26°C in October and November and drops to a minimum of 19°C in March and April (Figs. 13 and 14) .
Thermal cross sections of the Strait (Figs. 13 and  14) indicate a single-layer structure (i.e., a vertically uniform temperature from surface to bottom) in winter and, to a lesser extent, in autumn. On the other hand, there is a multi-layer structure (i.e., mixed-layer, thermohaline, and deep layer) with a shallow surface mixed layer. Such a strong seasonal variation in vertical thermal structure is caused by a strong cooling in winter and a strong surface warming in spring and summer. Also, figures 13 and 14 show that bottom waters warm by 5°C from March to July. This warming is in accordance with field data (Swift and Bower 2003) . Furthermore, note that although upper water temperatures decrease during July through November due to atmospheric cooling, the bottom water temperatures increase by approximately 4°C. This conclusion is also confirmed by observational data (Johns et al. 2003 ) .
Density
Figures 15 and 16 show the cross section of the time series for horizontally-averaged density in the southern and northern halves of the Strait, respectively. The density varies in the vertical direction over the months of the year. The water density changes from 1023 kg m -3 on the surface in spring and summer to 1029 kg m -3 at the bottom in winter and spring. In spring and summer, due to temperature increases, the water density of the Strait decreases significantly, particularly in the upper layer. In addition, due to the multi-layer temperature structure which is generated mainly under the influence of solar heating, the density is strongly stratified from the surface to a depth of 40 to 50 m. The strong density difference between surface and bottom, which reaches 6 kg m -3 , leads to strong baroclinic stability in summer and spring. The convective erosion of summer thermal stratification develops a weak vertical contrast of density in autumn.
The weak baroclinic stability can lead to turbulence currents under the action of the wind force. Because of the arrival of saline water from southern shallows around Bahrain and near the UAE, as well as temperature decrease under the influence of atmospheric cooling, the deep water attains its annual maximum of 1029 kg m -3 in winter.
CONCLUSIONS
In this work, we employed a three-dimensional, hydrodynamic, finite-difference model to study the inflow/outflow variability through the Hormuz Strait (Persian Gulf). It is a baroclinic, fully non-linear model, solving the Navier-Stokes equations under the hydrostatic approximation and adopting a sigma reference coordinate system in the vertical. The values for the vertical eddy viscosity and diffusivity coefficients are provided by choosing within a variety of turbulence closure schemes already implemented, from simple algebraic ones to complex two-equation ones (k_q, k_kl) . In the present study, a k -ε closure scheme is adopted. Model variables are arranged on an Arakawa staggered C grid and the integration scheme adopted for the advection of momentum and scalars is the computationally expensive Total Variation Diminishing (TVD) method. The model was forced with tidal values prescribed at the eastern open boundary and by climatologic monthly mean atmospheric forcing at 10 m reference height above the ground, derived from NoAA data.
The numerical simulation outputs in this work, which give very satisfactory results compared to the limited observations in the Hormuz Strait, show that surface inflow occurs mainly in the northern part and bottom outflow in the southern part of the Strait. About 65% of the water outflow takes place from a depth of 40 m to the bottom and 35% from the surface to a depth of 40 m. The deep outflow is approximately steady but near-surface outflow is significantly variable during the year. Furthermore, 83% of water inflow is from the surface to a depth of 30 m and 17% is from a depth of 30 m to the bottom. The inflow of Gulf of Oman surface water into the Persian Gulf is highest in May and June in conjunction with peak total outflow through the Hormuz Strait. The model indicates a weak bottom inflow, which is relatively steady year round. The net volume transport annual mean through the Hormuz Strait into the Persian Gulf is about 0.03 Sv. The deep outflowing waters have high salinity in October through February. This is associated with the formation of very saline waters (>43 PSU) within a shallow region along the UAE coast and the Bahrain Shelf in late spring and summer, which reaches the Strait in late autumn and winter. The effect of summer warming establishes a density contrast between surface and bottom waters in the months of April through July. As a result, the water from the Strait has a strong baroclinic stability in summer and spring. In winter and autumn this density difference significantly decreases, hence leading to turbulence flow in the Strait.
